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ABSTRACT

Results from 3 yr of hydrographic time series are shown for Willapa Bay, Washington, a macrotidal, partialy
mixed estuary whose river and ocean end members are both highly variable. Fluctuating ocean conditions—
alternations between wind-driven upwelling and downwelling, and intrusions of the buoyant Columbia River
plume—are shown to force order-of-magnitude changes in salinity gradients on the event (2—10 day) scale. An
effective horizontal diffusivity parameterizing all up-estuary salt flux is calculated as a function of riverflow:
results show that Willapa's volume-integrated salt balance is almost always far from equilibrium. At very high
riverflows (the top 15% of observations) the estuary loses salt, on average, while at al other riverflow levels
it gains salt. Under summer, low-riverflow conditions, in fact, the effective diffusivity K is large enough to drive
anet increase in salinity that is 3—6 times the seaward, river-driven salt flux. This diffusion process is amplified,
not damped, by increased tidal forcing, contrary to the expectation for baroclinic exchange. Furthermore, K
varies along the length of the estuary as ~5% of the rms tidal velocity times channel width, a scaling consistent
with density-independent stirring by tidal residuals. To summarize Willapa's event- and seasonal-scale variability,
a simple diagnostic parameter space for unsteady estuarine salt balances is presented, a generalization from the
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Dynamics of Willapa Bay, Washington: A Highly Unsteady, Partially Mixed Estuary

Hansen and Rattray steady-state scheme.

1. Introduction

This paper examines the net fluxes of salt in and out
of Willapa Bay, Washington, on event (2-10 day) and
seasonal time scales. Willapa is a coastal-plain estuary
connected to a highly active eastern boundary ocean,
the northern reach of the California Current System
(Hickey 1989). The interest of salt dynamics in this
estuary is on one level regional and ultimately ecolog-
ical, while at the same time is tied to a general, theo-
retical concern: the often-neglected role of time-depen-
dence in estuarine dynamics and classification.

Analytical theories of estuarine circulation over-
whelmingly rely upon the assumption of a steady state
to reach tractable solutions. The classical core of this
field is the analytical solution of Hansen and Rattray
(1965), hereinafter HR65, and the closely related di-
agnostic scheme of Hansen and Rattray (1966), here-
inafter HR66. The HR66 scheme describes estuaries
through a steady-state balance of three salt fluxes: down-
estuary advection of salt by the mean flow, up-estuary
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return of salt by the vertical gravitational circulation,
and an up-estuary “‘diffusive” flux, representing all oth-
er exchange, which closes the balance. The generaliza-
tion of this theory to include time dependence
(MacCready 1999) is embryonic, although in more ob-
servational contexts, as we review below, time-depen-
dent river, ocean, and atmospheric forcing have all re-
ceived wide attention.

Order-of-magnitude changes in river input are com-
mon on not only seasonal but few-day time scales in
many systems (e.g., Uncles and Peterson 1996; Simpson
et al. 2001). Studies of the estuarine response to chang-
ing riverflow, in terms of both their time scale (Kra-
nenburg 1986; MacCready 1999) and magnitude (Of-
ficer and Kester 1991; Gibson and Najjar 2000; Mon-
ismith et al. 2002) occupy much of the literature.

Both remote and local wind forcing (‘“‘remote” refers
to offshore processes, while *“local’ refersto wind over
the estuary itself) typically vary on both seasonal and
event timescales. Remote wind is generally taken to
affect estuaries through sea level setup and setdown,
which drive secondary or pumping circulations (\Wang
and Elliott 1978; Walters 1982; Wang et al. 1997). It
also can control water properties through coastal up-
welling and downwelling, as discussed more below. Lo-
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ca wind can drive time-variable lateral circulations
within an estuary, particularly over variable topography
(Wong and Moses-Hall 1998; Geyer 1997).

Spring—neap variations in tidal amplitude can force
large changes in estuarine circulation, both by directly
modulating tidal residual flows (Kjerfve 1986) and by
changing the dynamics of vertical mixing, whichinturn
controls the baroclinic circulation (Linden and Simpson
1988; Jay and Smith 1990; Park and Kuo 1996). Var-
iationsin oceanic water properties can also beimportant.
In eastern boundary systems with narrow continental
shelves and fluctuating wind forcing, variations in the
strength of upwelling can cause salinity changes of sev-
eral practical salinity units (psu) on time scales as short
as 1-2 days (Hickey 1989). Upwelling and downwelling
are the dominant mode of ocean end-member variability
in Willapa Bay (Hickey et a. 2002).

Large, external sources of freshwater can also im-
pinge on smaller estuaries nearby (e.g., the Delaware
River, Wong and Lu 1994; the Mississippi, Wiseman et
al. 1990). During downwelling periods the Columbia
River plume enters both Willapa Bay and Grays Harbor
to the north (Roegner et al. 2002; Hickey and Banas
2003). Small outer-coast estuaries downstream of alarge
river plume may even be thought of asakind of tributary
estuary (i.e., a small system contained within a larger
one), which frequently are controlled by external water-
property variations (Pritchard and Bunce 1959; Prit-
chard and Carpenter 1960; Schroeder et al. 1992). Ex-
ternal water-property variations can themselves affect
the mean baroclinic circulation, by intensifying or weak-
ening along-channel density differences (Duxbury
1979; Monteiro and Largier 1999; Hickey et al. 2002).

Event-scale dynamical coupling between ocean and
estuary is of particular interest in Willapa Bay and the
rest of the Pacific Northwest coast, because in this re-
gion upwelling, not riverflow, is the primary source of
estuarine nutrients and primary production (Roegner et
al. 2002; Hickey and Banas 2003). The rate of ocean-
estuary exchange is thus a very basic control on Wil-
lapa’'s ecology (Roegner et a. 2002). This is likely to
be true as well in the other small coastal-plain estuaries
of the Pacific Northwest (see Emmett et al. 2000). With
the notable exception of the Columbia River, these es-
tuaries have received almost no oceanographic attention
beyond the few studies cited here. They inhabit a co-
herent regime of forcing very different from other North
American coasts (Hickey and Banas 2003)—Ilarge tidal
ranges, strong variations in ocean water properties on
all time scales, and highly seasonal riverflow that is
lowest during the summer growing season. These es-
tuaries appear to be more similar to many on the north
coast of Europe (the Volkerak, Dronkers and van de
Kreeke 1986; Wadden Sea embayments, Zimmerman
1976) and the British Isles (the Mersey, Bowden and
Gilligan 1971; the Conwy, Simpson et al. 2001) than
to other North American systems.

This paper describes three years of observations in
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Willapa Bay, in the context of the subtidal, volume-
averaged salt balance. Section 2 describesthe study area
and the range of hydrographic conditions observed on
seasonal and event scales: this is the most detailed cli-
matology of a Pacific Northwest coast estuary presented
to date. In section 3 we derive a working form of the
salt balance and evaluate the terms as a function of
riverflow. Two key results emerge from this analysis,
which we explore in more detail in the remaining sec-
tions. First, we will show that a riverflow-independent,
diffusive salt flux dominates over the river-driven grav-
itational circulation in all but the top 25% of riverflow
conditions: in section 4 we explain thisdiffusion process
in terms of lateral stirring by tidal residuals. Second,
we will show that for much of the year in Willapa, the
three termsin the HR66 salt budget do not balance even
to order of magnitude at any time scale from days to
months: a diagnostic scheme appropriate for such time-
dependent systems is the subject of section 5.

2. The seasonal cycle in Willapa Bay
a. Study area

A map of Willapa Bay is shown in Fig. 1. Willapais
the first embayment north of the ColumbiaRiver estuary
on the Washington coast. It is comparable in depth and
volume to Grays Harbor, immediately north of it, and
South San Francisco Bay, and several times as large as
the many small estuaries along the coast of Oregon
(Hickey and Banas 2003). The estuarine geography of
this coast is reviewed by Emmett et al. (2000), and its
oceanography reviewed by Hickey (1989) and Hickey
and Banas (2003).

Willapa consists of three main channels 10-20 m deep
surrounded by extensivetidal flats. One channel stretch-
es east from the mouth; Stanley Channel is longer and
extends south from the mouth to the Naselle River; a
third channel branches southwest off Stanley Channel
into a broad intertidal region with virtually no river
input. In the analysis that follows, we have confined our
attention to Stanley Channel so that we can schematize
the estuary as a single channel with an ocean at one
end and a river at the other. The Naselle River, at the
head of Stanley Channel, provides roughly one-fifth of
the total freshwater input into the bay; the largest rivers
are the North and the Willapa, both closer to the mouth.
The effect of thisriver configuration is considered where
appropriate. Area and depth profiles of Stanley channel
are shown in Fig. 2.

The tide is mixed-semidiurnal, and the mean daily
tidal range, which varies by ~20% over the length of
the estuary and ~50% over the spring—neap cycle, is
2.7 m. In the thalweg at the mouth, thermstidal velocity
is 0.7-1.0 m s *. Almost one-half of the surface area
of the estuary lies in the intertidal zone (160 km? out
of 350 km?; Andrews 1965), and ~50% of the volume
does as well: this extremely large intertidal fraction is
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Fic. 1. Maps of Willapa Bay, the Pacific Northwest coast, and North America. Mooring
locations and the axial transect route are indicated.

typical on the Pacific Northwest coast, though unusual
among other North American outercoast estuaries
(Hickey and Banas 2003).

b. Data sources

This study uses data from August 1997 to February
2001 from five time series stations and from 54 hydro-
graphic transects of Stanley Channel during that period
(Fig. 2). Station locations are shown in Fig. 1. Bay
Center, Oysterville, and Naselle are piling-mounted
SeaBird CT packages that follow sea level 1 m below
the surface. The locations W3 and W6 are taut-wire
moorings instrumented at ~8 m depth, in the mid-to-
lower water column. Salinity data at W3 are from a
SeaBird Microcat CT for one deployment and from an
Aanderaa current meter carrying aCT cell for theothers.
The salinity record at W6 is short (6 months) and has
been excluded from the analysis. Velocities at W3 and
W6 from InterOcean S4 current meters are used to es-
timate tidal current amplitude.

These station salinity data, while well-resolved in
time (observations every 15-30 min), do not resolve
vertical or lateral salinity variations. To provide arecord
of stratification we use hydrographic transects of the
main channel, which were conducted at least monthly
from small boats with SeaBird 19 and 25 CTDs. Many
of these surveys were coordinated with mooring main-
tenance and took 4 h or more to cover Stanley Channel.
As a result, because of tidal aliasing, we do not use
transect data in the calculation of subtidal time series
(section 3b). Bank-to-channel variation was explored
through ~10 day-long series of CTD surveys (see Hick-
ey and Banas 2003). These data are used here simply

to confirm the assumption (section 3c) that the total salt
storage of the estuary is well-indexed by the salinity of
the main channel.

Most gaps in the station records (Fig. 2) indicate pe-
riods in which salinity measurements were biased or
degraded by biofouling, rather than gaps in deployment.
We report only periodsin which salinities are consistent
between station and transect observations. Station tem-
perature records are much more continuous.

Estimates of riverflow are derived from U.S. Geo-
logical Survey (USGS) gauges 12013500 and 12010000
on the Willapa and Naselle rivers. Only 19% of Wil-
lapa’s watershed lies above these gauges: to calculate
bay-total flow, we multiply the gauged flows by the
inverse of this fraction (Lincoln 1977). The resulting
estimate is consistent with the annual mean value re-
ported by the National Oceanic and Atmospheric Ad-
ministration/Environmental Protection Agency (NOAA/
EPA 1991) to 20%.

The bathymetry used in cal culating channel areasand
volumes was provided by the Army Corps of Engineers,
Seattle District, who resurveyed most of the subtidal
area of Willapa in 1998 (Kraus 2000). We make use
also of the NOAA tidal-height predictions for Toke
Point and Nahcotta, stations 9440910 and 9440747.
Wind data are from the National Centers for Environ-
mental Prediction (NCEP)—National Center for Atmo-
spheric Research (NCAR) Reanalysis project (Kahay
et al. 1996).

¢. The seasonal cycle

Here we describe variations in Willapa's hydrography
over a typical year, August 1999-August 2000. The
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large-scale winds in this region (Fig. 3a) are predomi-
nantly southward (upwelling favorable) during the sum-
mer and during breaks of fair weather at other times of
year, and northward (downwelling favorable) during the
winter and foul-weather events (Hickey 1989). There
are event-scale reversals in the winds during almost ev-
ery month of the year. Riverflow (Fig. 3b) is likewise
intermittent on the event scale and varies by afactor of
several hundred between the late summer low-flow pe-
riod and the largest winter flows. Note that river and
ocean forcing of the estuary cannot be separated statis-
tically asdistinct modes of variation: riverflow into Wil-
lapa reflects recent local rainfall rather than snowmelt,
and rainfall in this region, like coastal upwelling and
downwelling, is well correlated with large-scale winds
(Figs. 3a,b).

Shown in Figs. 3c—h are six salinity sections along
Stanley Channel, which we now consider in turn.

At the end of September (Fig. 3c), riverflows have
been negligible (~10 m3 s~*) and upwelling conditions
predominant for several months. There is very weak
buoyancy input into the bay from both rivers and ocean,
and salinities are high even at the mouth of the Naselle
River. Vertical and axial salinity gradients are simul-
taneously weak. A few days after the first substantial
rain of the season (Fig. 3d), salinitiesaremarkedly lower
near the head of the channel, producing locally strong
salinity gradients. Most of the channel remains rela-
tively well mixed, though salinitiesthroughout are lower
than in the 30 September transect.

During heavy, sustained winter riverflows (Fig. 3e)
the entire estuary stratifies dramatically, concomitant
with alarge salinity difference between mouth and head.
The most seaward reach of the estuary was not surveyed
on this transect because of sea conditions, but salinities
near the mouth appear to be ~10 psu lower than during
the summer upwelling period. On 3 May (Fig. 3f) the
salinity at the mouth is likewise only 21 psu, even
though local riverflow has slackened. During late spring,
the Columbia River, 50 km south of the Willapa Bay
entrance, is running at its highest because of snowmelt
from the inland mountains. Under downwelling winds,
the plume from the Columbia flows north against the
coast and enters both Willapa and Grays Harbor. Under
this forcing, in which a buoyant water mass enters the
mouth at all depths under a strong tidal flow, the es-
tuarine water column actively mixes and tends toward
extremely low horizontal and vertical density gradients.
The axial gradient can in fact reverse for sustained pe-
riods: the transect in Fig. 3f shows one such reversal
over ~10 km in the middle of the estuary. The dynamics
and evolution of these plume intrusions, which are com-
mon in winter and spring, are considered in more detail
by Hickey and Banas (2003).

During late spring and early summer, the coastal wind
direction is intermittent and plume-intrusion events al-
ternate with upwelling events (Fig. 3g). Spring up-
welling typically brings the strongest head-to-mouth sa-
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linity differences of the year. Finaly, asriverflow slack-
ens over the course of the summer (Fig. 3h), salinity at
the head increases, and vertical and horizontal gradients
weaken. The bay thus gradually returns to the nearly-
well-mixed conditions shown in Fig. 3c. Event-scale
wind reversals interrupt this trend (Fig. 3a), though not
as dramatically as during early summer.

As these six snapshots suggest, over the course of a
year Willapa Bay cycles or weaves over an enormous
range of the possible hydrographic states of a partially
mixed estuary. Because ocean and river forcing are both
so variable—and because the impact of event-scale
ocean variability is not confined to the mouth, but rather
penetrates through most of the volume of the bay—no
monotonic relationship exists between either ocean sa-
linity or riverflow and estuarine salinity gradients. Nev-
ertheless, we can estimate the relative roles of time de-
pendence, riverflow, gravitational circulation, and other
salt-loading mechanisms using a simplified form of the
volume-integrated salt balance. This calculation is the
subject of the next section.

3. The salt balance
a. Theory

We will begin by deriving our working form of the
salt balance; in section 3b we describe our methods for
calculating the terms in this balance from data, and in
section 3c and 3d we use these tools to describe the
dynamics of Willapa Bay across forcing conditions.

We start with a general budget equation for salt, in
which we have averaged over a cross section of the
estuary (denoted by an overbar), averaged as well over
the tidal cycle (angle brackets), and finally integrated
in the axial (x) direction from far upstream where salt
flux is zero (x = —) to x:

% f (as) dx + (aus) = 0. (3.1
Heret istime, sis salinity, u is axia velocity, and a is
cross-sectional area. The first term describes subtidal
changes in total salt storage upstream of x on subtidal
time scales, and the second denotes total salt flux
through the cross section at x. The integral in the first
term can be written more simply as Vs, where Vismean
volume upstream of x and S the mean salinity over that
volume. We also can define an area length scale |, =
V(a)~* so that (3.1) becomes

|§+i
ot (a)

Values of |, along Stanley Channel are given in Fig. 2.
Note that we have assumed a term on the left-hand side
involving oV/at, and thus wind-driven sea level setup
and setdown, to be small. In other estuaries this term
may in fact be more important than the 95/t term, but
Hickey et al. (2002) found that the large-scale winds

(aus) = 0. (3.2)

JOURNAL OF PHYSICAL OCEANOGRAPHY

VoLUME 34

affect circulation in Willapa primarily through upwell-
ing- and downwelling-related salinity changes and not
barotropic volume changes.

All the mechanisms that move salt up- and down-
stream are contained within the total flux term (aus). A
common approach, beginning with HR65, has been to
decompose this flux into three terms as follows:

&)
K) (3.3)

Hereu’ and s’ are defined as spatial fluctuations around
U andssuchthat u” =s = 0, and K is a horizontal
diffusivity. The first term on the right-hand side rep-
resents seaward advection of salt by the mean flow: T
is related to riverflow Q by

(Q = (am), (34)

where again we have ignored sea level setup- and set-
down-driven volume changes (an assumption that may
not be valid if the salt balance is to be evaluated not in
long averages, as we do below, but on the event scale).
Wewill refer to (U)(s) asthe *‘river” or *‘river-flushing”
term. The second term in (3.3) describes correlations
between the mean vertical structures of velocity and
salinity: in the HR65 theory this correlation describes
a steady vertical exchange flow or gravitational circu-
lation. Last, the third, or diffusion, term, parameterizes
all remaining correlations between a, u, and s: Stokes
drift (tidal correlations between a and u), ‘‘tidal trap-
ping’ in side channels or on banks (tidal correlations
between u and s), stirring by tidal residuals (lateral cor-
relations between (u) and (s)), and several other terms.
For more detailed discussion of these terms, see Fischer
(1976); for full empirical salt-flux decompositions in
individual estuaries, see Hughes and Rattray (1980),
Winterwerp (1983), Lewis and Lewis (1983), and Dron-
kers and van de Kreeke (1986).
In the steady case (9s/ot = 0), (3.2), (3.3), and (3.4)
become the classical HR66 salt balance:
93 - s + KZ
a X

(aus) = (a><(U><§> +(u's) - K

(3.5)

We have dropped the angle brackets for brevity. In this
case, total upstream salt flux (the right-hand side) exactly
balances river-flushing, and is partitioned between asteady
gravitational circulation and an undifferentiated diffusion
process. A classification parameter v, the diffusivefraction
of upstream salt flux, can then be defined as

Js

X

<
I

— = (3.6)
Uy + K
dX

When v = 0 river-flushing balances gravitational cir-
culation, and when v = 1 river-flushing balances dif-
fusion. A more general scheme that diagnoses the full
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unsteady salt balance as v diagnoses the steady HR66
balance is the subject of section 5.

In an estuary where stratification and shear vary sig-
nificantly over the tidal cycle (Jay and Smith 1988; Sta-
cey et al. 2001) or vary laterally because of Coriolis or
topography (Li and O'Donnell 1997), it may be mis-
leading to equate the gravitational circulation with the
mean quantity u’'s’. Since in the present study we lack
the data to decompose (ats) with enough detail to re-
solve these effects, we will use aformulation even sim-
pler than the HR65 decomposition (3.3):

(ats) = <a>(<u><s> ¥ Kma@). @37)

X
Here K, is a total effective diffusivity, which param-
eterizes all upstream salt-flux mechanisms, including the
gravitational circulation. Combining (3.7) with (3.2) and
(3.4) yields the general unsteady salt balance

T L
ot a

where again we have dropped the angle brackets. We can
diagnose the unsteadiness of the salt balance by com-
paring K, with an equilibrium value K¢, defined by

a5
93 = Kg—.
a ax

(3.9)

tot&!

(3.9)

When K, < K&, river-flushing exceeds upstream salt
flux and the estuary loses salt; when K,,, > K¢, the
estuary gains salt. We will evaluate K, and K& for
Willapa in section 3c.

This total-diffusivity approach, with and without the
assumption of a steady state, has been used in a number
of studies (e.g, Uncles and Stephens 1990; Monismith
et al. 2002; Lewis and Uncles 2003). It is convenient
where data are sparse, but it has the drawback of leaving
the dynamics of upstream salt flux ambiguous. In section
3d, we will describe an empirical decomposition of K,
that to some extent allows us to recover the dynamical
information in the HR66 formulation.

b. Calculation methods

Before continuing with the K, calculation, in this
section we discuss the methods by which the spatially
integrated quantities s, 4s/at, and 9s/0x are estimated
from our point measurements.

For simplicity we let station salinities represent 5
without adjustment: i.e., we ignore vertical and lateral
salinity variations. (The error associated with this and
our other approximations is discussed below.) We cal-
culate 9s/9x not as a difference between stations, but as
a point measurement at each station, taking advantage
of the fact that over atidal cycle each station samples
a full tidal excursion of the channel. Dividing the dif-
ference between end-of-flood and end-of-ebb salinity by
the tidal excursion gives one value of 95/ox for each
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tidal cycle, and low-pass-filtering this discrete series
gives a continuous subtidal time series. This method,
unlike differencing between stations, gives atruly local
measure of 95/ox and is unaffected by gaps in coverage
at other stations. Last, to evaluate ds/ot we calculate
total upstream salt storage V5 as a linear combination
of landward station salinities; for example, at Bay Cen-
ter,

9 .=
a(VS)Bay ctr

J
= &(0'25383)/ ar T 0.208, + 0.068.00) X 10° M2,
(3.10)

The coefficients are calculated from total volume below
MSL between each pair of stations.

We estimate from axial and lateral transect data that
at Bay Center, the total uncertainty inS associated with
unresolved salinity variationsin all three dimensionsis
only ~10%. This level is set by the maximum discrep-
ancy between measured (surface) salinity and vertical-
mean salinity taking into account stratification (Fig. 4).
Errors from lateral salinity variations are less than 10%:
differential tidal advection has been seen to create bank-
to-channel salinity variations near Bay Center of several
practical salinity units (Hickey and Banas 2003) but
these gradients are only strong over very shallow banks,
where their volume-integrated effect is smallest. Station
spacing in the axial direction is comparable to the tidal
excursion and accordingly appears sufficient to resolve
subtidal axial salinity variations throughout the bay.

A potentially much larger—and harder to quantify—
source of uncertainty is the proximity of W3 and Oys-
terville to the subestuaries outside Stanley Channel. In
particular, 80% of riverflow into the bay enters between
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Bay Center for two riverflow bins. The slope of the regression is the effective diffusivity K,,. (¢) The diffusivity K, calculated as in (a)
and (b) for al riverflow bins, along with the equilibrium value K&, calculated by analogous regressions between the river term alone and
ds/ox [(3.9)]. Shaded areas give 95% confidence limits. The dashed horizontal line shows the value of the low-flow diffusivity K as defined

in section 3d. A histogram of riverflow values over the three-year study period is aso shown.

Bay Center and W3, but the lateral distribution of this
freshwater around W3 and the mouth of the bay is un-
clear: sea conditions make Willapa's entrance shoals
impossible to survey from a small boat. As aresult, in
the analysis that follows, we evaluate the salt balance
at Bay Center, where the geometry is simplest and our
data coverage best, in the most detail.

c. Total effective diffusivity

We now have estimates of every quantity in (3.8)
except for K, and can in principle solve for K, as a
continuous subtidal time series. In practice, it is more
statistically robust to calculate K,,, in an ensemble av-
erage, as the mean slope between the left-hand side of
(3.8) and ds/ox for some set of measurements. We will
start by binning observations by bay-total riverflow, as
a proxy for meteorological forcing in general.

Results of the K, calculation for Bay Center are
shown in Fig. 5. Individual data pointsfor two riverflow
bins are shown in Figs. 5a and 5b, and ensemble av-
erages for al bins are shown in Fig. 5¢c along with 95%
confidence limits. These confidence limits are generally

larger than the observational uncertainties estimated
above: they thus appear to represent not error but real,
ocean-forced variability within each riverflow bin. Data
have been Butterworth-filtered with a cutoff frequency
of (10 days)1, to average over the mean propagation
time for ocean signals from the mouth to the head at
Naselle (see section 4c). Shorter and longer filter periods
change the magnitude of the variance within each riv-
erflow bin but have a statistically insignificant effect on
K itself. This is one validation of the appropriateness
of the total-diffusivity model.

K. increases with riverflow Q from 240 m? s—* at
very low flows to 840 m? s~* at high flows: a change
of afactor of 3.5. In comparison, the equilibrium value
K& increases by more than a factor of 20 over the same
riverflow range, from 50 to 1100 m2 s—*. Willapaisthus
far from equilibrium over nearly all flow conditions.
For Q < 300 m? s~ (85% of observations), upstream
salt flux exceeds river-flushing (K., > K&1) and the es-
tuary gains salt. This is true on average: it is not nec-
essarily true during individual, transient, ocean-forced
events like Columbia plume intrusions. During high
winter flows above 300 m?® s, on average the river-
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flushing term dominates (K, < Kg&) and the estuary
loses salt. Integrated over a full seasonal cycle, the salt
budget does appear to balance: the mean K, and K&
for the 1-yr period shown in Fig. 3 agree, perhaps co-
incidentally, within 2% (not shown).

d. Decomposition of upstream salt flux

In low-flow conditions, the difference between K,
and K& is actually many times larger than K& itself
(Fig. 5). Thisis only possible if the river term in (3.8)
is negligible and the dominant balance is between the
K term and the time-change term, i.e., an unsteady
diffusion process independent of riverflow. Stanley
Channel thus appears more like a lagoon or riverless
tidal embayment than like atrue estuary during the sum-
mer low-flow period.

These simplified low-flow-period dynamics suggest
an empirical division of up-estuary salt flux into river-
driven and river-independent parts, analogous to the
HR66 partitioning between river-driven gravitational
circulation and ‘“true” diffusion. We can write this as
K = Ky + K, where K is defined as the ** baseling”
or low-riverflow limit of K, (the dashed linein Fig. 5).
The salt balance (3.8) then becomes

Q

Q 98
a

™ (3.11)

3 s
l,— + =5 = Ky— + K
ot X

The K, term is analogous to, but more general than,
the u’s’ in the HR66 formulation (3.5). More precisely,
K. represents both the mean gravitational circulation at
a given riverflow level and al nonlinear coupling be-
tween this gravitational circulation and diffusive ex-
change. K, the “‘true”” diffusivity, represents a combi-
nation of tidal exchange (lateral stirring, trapping,
Stokes drift), local-wind-driven processes, and modu-
lations of the mean gravitational circulation by ocean
density fluctuations (**baroclinic coupling’; Hickey et
al. 2002).

The purpose of this decomposition is to isolate K so
that its dependence on forcing can be examined, and a
dynamical explanation obtained for the high, unequili-
brated rate at which Willapaloads seawater during low-
flow conditions. In section 4 we will demonstrate that
K is primarily atide-driven, rather than baroclinic, pro-
cess, and present a scaling that explains its variation
over the length of Stanley Channel.

4. Tidal diffusion in low-flow conditions
a. Calculation of K

We begin by calculating K for all stations. Instead of
repeating the full determination of K, (Q) at every sta-
tion besides Bay Center—data gaps and the geometric
complexity discussed in section 3b make this difficult—
we will use a simpler method. By definition, as Q —
0, (3.8) approaches the diffusive limit
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Iaa—s = Ka_s. (4.2)
ot X

Thus K can be calculated as the slope between the time-
change term and ds/0x in the average over all low-flow
conditions. ““Low flows’ are those for which the ne-
glected river term is smaller than the standard deviation
of the time-change term around its correlation with 05/
dx, and thus by definition well-contained within 95%
confidence limits. To err on the side of an over-strict
definition of low flows, we compute this threshhold us-
ing bay-total riverflow for Q. At Naselle, salinity var-
iance in summer is so small that even if we take Q to
be Naselle flow aone, our low-flow definition excludes
the entire record; results are given for Naselleriverflows
<2mdst,

Results are shown in Fig. 6 for al four stations. As
in section 3, the data have been filtered with a cutoff
frequency of (10 days)~*. Mean values of K decrease
from 710 m2 s~* at W3 to 20 m? s * at Naselle. The
estimate at Naselleis not different from zero at the 95%
confidence level, but it is a stable result, =20 m2 s*
regardless of the choice of filter timescale or riverflow
threshold. The estimate at Bay Center calculated by this
method agrees within confidence limitswith the baseline
K. shown in Fig. 5.

A number of factors presumably contribute to the
scatter of individual events around the long-term mean:
baroclinic ocean-estuary coupling, the small but non-
zero river-driven salt fluxes permitted under our defi-
nition of “low flows,”” spring—neap variations in tidal
stirring (section 4c), lateral circulations driven by local
wind, and non-Fickian tidal dispersion mechanisms(i.e.,
tidal salt fluxes not proportional to ds/dx; Ridderinkhof
and Zimmerman 1992; McCarthy 1993). For many in-
dividual events, the net salt flux explained by the con-
stant-diffusivity regression is smaller than the salt flux
it does not explain.

Nevertheless, a constant diffusivity explains one-half
or more of the variance in 10-day and longer-scale salt
fluxes everywhere except the river mouth itself (at W3
and Bay Center, the regressionsin Fig. 6 haver? = 0.7
at Oysterville, r2 = 0.5). In the sections that follow we
examine the physical meaning of this very simple salt-
flux parameterization.

b. Sgnal penetration and propagation speed

A constant K is only a satisfactory parameterization
of up-estuary salt flux in low-flow conditions if it re-
produces both the propagation rate and penetration dis-
tance observed for ocean signals. To derive predictions
of these parametersfrom the axial profile of K calculated
above, we numerically integrated the differential form

of (4.1)
ds 9 ds
a_— = —(aK—), (4.2
ot ox X
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Fic. 6. (a) Time-change term vs axia salinity gradient at each
Stanley Channel station, in low-flow conditions. The slope of the
regressions (solid lines) is the diffusivity K. (b) Diffusivities from
(a) shown as an along-channel profile. Dashed lines give 95% con-
fidence limits on the slope.

using a simple forward-in-time, centered-in-space
scheme, with data from W3 supplying the seaward
boundary condition. Numerical results cannot be com-
pared point-by-point with station salinities, both be-
cause of the neglected exchanges between Stanley
Channel and the other subestuaries, and because even
~10% biases in ds/dt (see section 3b) quickly become
O(2) errorsin the time-integral. Instead, to isolate up-

JOURNAL OF PHYSICAL OCEANOGRAPHY

VOLUME 34
8
numerical Lag time (d) 1
61
| Oysterville

4l @

2t

o Bay Center @ w3

30 20 10 o0
(a)

1 ale

Amplitude numerical
relative to W3

0.8t
0.6/ Bay Center
0.4t
0.2+ .Oysterville

o L L

30 20 10 0
(b) Distance from mouth (km)
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salinity data from Jul-Sep 1999 (dots) and a numerical solution to
(4.2) for the same time period (lines).

stream-propagating signals, we calculate lag times of
maximum correlation with W3 and amplitude of the
correlated part of the signal (i.e., slope between salinity
at each station and at W3). Results are shown in Fig. 7
for the low-flow period July—September 1999, and the
reach of Stanley Channel from the mouth to Oysterville.
Naselle and the small volume at the head of the channel,
where signal penetration is weak and K is poorly con-
strained, are omitted.

The numerical solution follows the empirical pattern
with reasonabl e accuracy, and reproduces, qualitatively,
the rapid propagation of signals to Bay Center and the
abrupt slowdown between Bay Center and Oysterville.
Note that the propagation rate and penetration distance
of ocean signals depend as much on the frequency of
the boundary forcing as on the internal dynamics of the
estuary. If single-frequency forcing is used in place of
data from W3, (4.2) becomes the classical oscillatory
boundary layer problem (Batchelor 1967, p. 353ff), and
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the numerical solution reproduces the expected rela-
tionships among propagation rate, penetration distance,
and forcing freguency.

¢. Dynamics of ‘‘diffusion”

What physical meaning can be given to the magnitude
of K, and to its 30-fold decrease over the length of
Stanley Channel (Fig. 6)? We wrote above that K rep-
resents a combination of tide-, wind-, and ocean-den-
sity-driven mechanisms. Hickey et al. (2002) find that
the distribution of residual currents in Willapa suggests
tide- and density-driven circulations more than local-
wind-driven circulations: we cannot quantify the local
wind contribution more than this with available data,
but we can guess that it does not set the scale of K.
This leaves tidal and baroclinic mechanisms and the
coupling between them.

Zimmerman (1986) offers two models to explain the
large (100—1000 m? s~*) diffusivities commonly ob-
served in tidal waters. The first consists of a cascade of
turbulent processes, in which lateral shears amplify dis-
persion by vertical shears, which in turn amplify dis-
persion by small-scale turbulence proper. The second
relies on lateral shears alone. He proposes dispersion
by *‘Lagrangian chaos,”” in which the tidally averaged
flow field is deterministic and steady but spatially com-
plex—randomized by bathymetry rather than by tur-
bulence—so that Lagrangian trajectories through that
flow field are strongly divergent. Complex tidal-residual
flow fields are often observed (Kuo et al. 1990; Li and
O'Donnell 1997; Blanton and Andrade 2001) and the
divergence of trajectoriesin a such afield is clear from
simulation (Ridderinkhof and Zimmerman 1992). The
open question is how commonly this type of density-
independent tidal dispersion dominates over baroclinic
mechanisms, or interactions between tidal and baro-
clinic mechanisms (Smith 1996; Valle-Levinson and
O’'Donnell 1996), in estuaries with measurable strati-
fication.

In the remainder of this section we will verify the
consistency of the simplest possibility for Willapa'slow-
flow period dynamics: that the bathymetric tidal-resid-
ual field alone sets the scale of K in the long-term av-
erage, even if the dynamics of individual events are
partly baroclinic or wind-driven. We hypothesize then
that K scales with the amplitude and width of the largest
residual eddies (MacCready 1999). Since in Willapathe
tidal excursion is greater than the width of the estuary,
this model implies

K ~ c,U-b, (4.3)

where ¢, isaconstant of proportionality O(1) or smaller,
U, isthe rmstidal velocity, and b is the channel width.
The empirical values of K calculated in section 4a are
shown as a function of U;b in Fig. 8. We calculate b
as cross-sectional area divided by mean depth below
mean sea level. Among the four stations c, varies be-
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tween 0.03 and 0.09: if residual velocities are 10%—
20% of the rms tidal amplitude as Zimmerman (1986)
suggestsis generally true and residual eddies are rough-
ly one-half of the width of the estuary, we would expect
¢« = 0.05-0.1. The conceptual model behind (4.3) is
thus consistent. Since U varies only fractionally over
the length of Stanley Channel and b varies by a factor
of 9, this correlation primarily tests the dependence of
K on b.

We can test the dependence of K on U; by indirect
means. The scaling (4.3) predicts that K increases lin-
early with tidal velocity, so that the rate of up-estuary
salt flux should be greater on spring tides than on neap
tides. This prediction is contrary to the expectation for
baroclinic exchange flows, which typically are retarded
by spring tides because of increased vertical mixing
(e.g., Park and Kuo 1996). Propagation rates between
W3 and Oysterville are shown in Fig. 9 for 12 events
during the July—September 1999 period considered
above. The trend with tidal height (a proxy for tidal
velocity) is positive and close to linear, as expected for
tidally driven, rather than tidally inhibited, exchange.

As a fina consistency check on our tidal-residual
model of exchange, we can associate K with a net vol-
ume flux through the estuary mouth: if this volume flux
is tidally driven, it should not exceed one tidal prism
per tidal cycle. In general we can write

s q

K_ = _ASFI*OU(’

x a (4.4

where q is the net subtidal volume flux and As,,_, iS
the salinity difference between incoming and outgoing
flows. For the case of Willapa we can guess that the
axial salinity variation over onetidal excursion L;isthe
largest variation upon which lateral shears can act:
AS,_.« = L;(65/0x). This condition is consistent with
the differential-advection mechanism described by
O'Donnell (1993) and others, and observed in Willapa by
Hickey and Banas (2003). Equation (4.4) thus becomes
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q= L
The right-hand side is roughly 3000 m3® st at W3,
whereas Willapa's total tidal volume flux is roughly
10 000 m® s* (NOAA/EPA 1991). Willapa's tidal ex-
change ratio—the fraction of the tidal prism replaced
by new water on the following tide—thusis =0.3, con-
sistent with the range of typical values reported by Dyer
(1973). Note that as a and K decrease landward, so may
the tidal exchange ratio.

(4.5)

5. Discussion and conclusions
a. Tide-driven exchange

To summarize the results of the previous section: dur-
ing low-flow conditions, at all stations, the effective
diffusivity K scales as 10%—20% of the tidal velocity
times the channel width. This diffusion process appears
on average to be tidally driven, not tidally damped (Fig.
9), athough the up-estuary propagation of individual
upwelling—downwelling pulsesis known to have a baro-
clinic component aswell (Hickey et a. 2002). Thistidal
exchange mechanism is very efficient near the mouth,
replacing a minimum of 30% of the tidal prism—that
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is, 15% of the bay volume (Hickey and Banas 2003)—
every tidal cycle.

We speculate that strong along-coast currents on the
inner shelf (Hickey 1989) may partly explain this ef-
ficiency, if they tend to advect each ebb tidal prism out
of the reach of the following flood. We speculate also
that the strength of tidal stirring on this coast may be
increased by the fact that where East Coast estuaries
have high and channelized intertidal salt marshes, Pa-
cific Northwest estuaries generally have broad, deep
sand or mud flats (Emmett et al. 2000).

b. A parameter space for unsteady estuaries

The results discussed in section 3 imply that thistidal
exchange mechanism is important not just in low-flow
conditions, but in fact in all seasons, even at high flows
when stratification is several practical salinity units(Fig.
4). To summarize the relationships between tide- and
river-driven exchange and the unsteadiness of the salt
balance, we can rearrange Fig. 5 and (3.12) into asimple
and general diagnostic scheme.

We begin by scaling the full, unsteady salt balance
(3.11) by the river term:

P s s
ot Keox  Kox

Q + 1= Q + Q— (51)
—S —S —S

a a a

We will call the first term in (5.1) the unsteadiness .
when ¢y > 0, the estuary gains salt and when ¢ < 0 it
loses it. When s = —1, all the salt flushed by the river
islost, and the net up-estuary flux (the right-hand side)
is 0. The two terms on the right-hand side can be called
scaled gravitational circulation and scaled diffusion.
The relationship between them is described by the pa-
rameter v, the diffusive fraction of up-estuary salt flux,
just as in the HR66 balance:

K
Ke + K

We thus have two diagnostic parameters, vand s, which
specify the dominant balance in (3.11) or (5.1) just as
v aone diagnoses the steady HR66 balance.

Plotting scaled diffusion against scaled gravitation
circulation creates a convenient parameter space (Fig.
10a), in which contours of v sweep across the first quad-
rant and contours of ¢y form a set of parallel diagonals.
The first quadrant can be divided into three regimes,
illustrated in Fig. 10a: the 4 > 0, v > 0.5 region, in
which the estuary gains salt primarily through diffusion;
the s > 0, v < 0.5 region, in which the estuary gains
salt primarily through the gravitational circulation; and
the ¢ < 0 region, in which the river-flushing term dom-
inates, and the estuary loses salt. The third quadrant, in
which y < —1andthe ‘" up estuary” fluxesare negative,
represents reversals of the axial gradient in which dif-

(5.2)

v =
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3g.

fusion and gravitational circulation actively move salt
seaward. (The second and fourth quadrants represent
reversals in one but not both of these mechanisms, sce-
narios which seem unlikely in nature.)

To place the riverflow-ensemble-average results from

section 3c on this diagram, we can rewrite the scaled-
gravitational-circulation and scaled-diffusion terms us-
ing (3.9): they become K, (K&)~* and K(Kg)*, re-
spectively. Note that scaling ds/dx out of these termsin
this way maps axial gradient reversals, which should
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appear in the third quadrant, onto the first. Results for
Bay Center are shown in Fig. 10c: these are simply a
more succinct rearrangement of the results shownin Fig.
5. At low flows, the estuary is far into the *diffusion
loads salt” regime: s> 1 and vis close to 1. At high
flows, the estuary entersthe *‘river flushes salt’” regime.

We can place individual events in this parameter
space—very tentatively, given the limitations of the da-
taset—for comparison with the riverflow-ensemble-av-
erage results. Time series of wind, riverflow, and 95/dx
from spring 2000 are shown in Fig. 10b. Two events
are indicated. In the first (solid circles), a short period
of northward (downwelling favorable) winds forces an
axial gradient reversal, likely an intrusion of the Co-
lumbia plume. In the second (open circles), another pe-
riod of northward wind accompanies a strong peak in
local riverflow. Subtidal snapshots of conditions at Bay
Center during these events, from the initial response
through the relaxation back to upwelling conditions, are
shown in Fig. 10c. The gravitational term has been cal-
culated, for lack of a better option, as the difference
between the other terms in (5.1), so that points in the
parameter space are determined by ¢ and the vertical
coordinate. The diffusion term has been cal cul ated using
the long-term mean K; the scatter in Fig. 6 suggests that
the errors here may well be O(1), and so we will interpret
these results only qualitatively.

The bay’s trajectory during the second, river-forced
event follows the riverflow-averaged pattern: river-
flushing dominates during the flow peak itself, but the
estuary returns to diffusive salt loading, typical low-
flow-period dynamics, over a few weeks. During the
first event, the estuary cyclesfrom diffusive salt-loading
to strong salt flushing and back over only 8 days. Note
that during the gradient reversal the rate of salt flushing
is several times larger than the river term (¢ = —2.5
on 28 May; Fig. 10c). These trajectories thus illustrate
not only Willapa's changeability on the event scale, but
also the power of oceanic water-property variations to
force transient fluxes through an estuary several times
stronger than the steady, river-driven fluxes usually em-
phasized in estuarine classification.

c. Generalizing to other unsteady systems

The extreme unsteadiness of the salt balance in Wil-
lapa—imbalances not just on the same scale astheriver-
driven fluxes, but many times larger—appear to result
from the combination of highly variable ocean forcing
with dispersion mechanisms strong enough to propagate
these forcing fluctuations far upstream on their time
scale of variation. Even in the absence of strong ocean
variability, however, variations in riverflow may still
drive O(1) imbalances in the salt budget. Simpson et al.
(2001) found a seasonal pattern very similar to Willapa's
in the Conwy in Wales, where tidal upstream salt flux
greatly exceeds downstream river-driven flux for all ex-
cept occasional high-riverflow events.
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A common formalism (e.g., HR65; Kranenburg 1986)
invites us to think of the estuarine salt budget as the
sum of a steady balance like (3.5) and transient pro-
cesses, and then to define an averaging timescale, the
“adjustment time,” above which the transients are neg-
ligible. (HR65 implicitly takes the tidal period as the
adjustment time.) This formalism is not germane to an
estuary as strongly forced as Willapa or the Conwy,
wherethe salt balanceisonly closeto steady in averages
so long (1 yr or perhaps longer; section 3c) that they
do not allow us to distinguish one forcing regime from
another. Accordingly, in section 5b we have proposed
aformalism in which the unsteadiness of the salt balance
enters as part of the basis for estuarine description and
classification, rather than entering only as noise.
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